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[1] Barotropic instability in the shoreward branch of the West Spitsbergen Current is
investigated on the basis of data from an array of current meter moorings along 78.83°N,
across the upper continental slope and shelf break west of Svalbard. The slowly varying
background current profile is modeled as an along‐slope, asymmetric jet anchored to
the shelf break. Numerical linear stability analyses are performed on the idealized
current profile and topography, revealing the characteristic period, wavelength, and
growth rate of unstable vorticity waves. Detailed analysis of the ambient current profile in
2007–2008 shows that unstable conditions are present during ∼40% of the 10 month
measurement record, depending on the localization, width, and amplitude of the current
jet. The resulting vorticity waves are localized at the shelf break and are able to exchange
water masses across the oceanic Arctic front. Typical wavelengths and periods are
20–40 km and 40–70 h, respectively. Wavelet, coherence, and complex demodulation
analyses of the current meter data confirm that transient signals of similar periodicity
as predicted by the stability analysis exist in the data record, prominently during the
winter and spring months. Estimates of the heat loss contribution from isopycnal diffusion
reach 1.4 TW during the time intervals when unstable vorticity waves are active at the
shelf break, implying that the dynamics of the West Spitsbergen Current play a significant
role in the cooling process of the Atlantic water on the way to the Arctic Ocean. This
cooling corresponds to an along‐shelf cooling rate of −0.08°C per 100 km.
Citation: Teigen, S. H., F. Nilsen, and B. Gjevik (2010), Barotropic instability in the West Spitsbergen Current, J. Geophys. Res.,
115, C07016, doi:10.1029/2009JC005996.
1. Introduction
[2] The West Spitsbergen Current (WSC) is the main con-
tributor of oceanic heat and salt to the Arctic Ocean [Aagaard
and Greisman, 1975]. The habitual description of the WSC
identifies it as the continuation of the primarily barotropic slope
branch of the Norwegian Atlantic Current. More recently,
Walczowski and Piechura [2007] have shown evidence that
the baroclinic offshore branch of the Norwegian Atlantic
Current, guided by the Mohn Ridge and Knipovich Ridge
into the Fram Strait, converges with the slope branch at about
78°N (Figure 1). The Fram Strait fracture zones and diverg-
ing isobaths cause the WSC to split again into several bran-
ches [Quadfasel et al., 1987]. Westward turning branches
follow the Hovgaard, Molloy, and Spitsbergen fracture zones
across the Fram Strait and flow south with the East Green-
land Current [Quadfasel et al., 1987; Bourke et al., 1988;
Manley, 1995; Fahrbach et al., 2003]. North of 79°N, the slope
current bifurcates into the Yermak branch and the Svalbard
branch [Aagaard et al., 1987]. The Yermak branch continues
northward, following the western rim of the Yermak Pla-
teau, where it mixes with ambient waters by tidal mixing
[Gascard et al., 1995]. The Svalbard branch crosses over the
600 m deep Yermak Plateau and is responsible for the bulk
of Atlantic input to the Arctic Ocean [Saloranta and Haugan,
2001]. The exact volume fraction of the Yermak branch
that recirculates directly into the Fram Strait and the fraction
that rejoins the Svalbard branch after a loop around the
Yermak Plateau are still uncertain [Manley, 1995]. Schauer
et al. [2008] reported that the temperature of the northward
flowing Atlantic water (AW) in the Fram Strait increased by
0.50°C from 1998 to 2000 and another 0.50°C between 2003
and 2006. Dmitrenko et al. [2008] showed that the warming
signal has propagated into the Eurasian Basin. Upstream heat
loss and mixing with surrounding water masses influence
the depth level at which the Atlantic water input to the
Arctic Ocean occurs. As it flows north along the continental
slope west of Svalbard, the subsurface core of the current
(the layer between 100 and 500 m depth) over the upper
slope is cooled by ∼−0.20°C per 100 km during summer and
∼−0.31°C per 100 km during winter [Saloranta and Haugan,
2004]. The corresponding heat flux from the 100–500 m
layer is −1050 W m−2, which is 2.5–3 times larger than the
estimated heat flux from the 0–100 m surface layer. This is
too large to be solely attributed to direct vertical heat loss to
the atmosphere. The WSC displays a complex, multipath
flow structure with characteristic features like meandering
and frequent mesoscale eddying [Gascard et al., 1995]. The
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presence of eddies advecting water masses from the warm
core of the WSC to the surface along tilting isopycnals has
been postulated as a vital mechanism for cooling the current
[Boyd and D’Asaro, 1994]. Although various sources of the
eddies observed in the Fram Strait have been suggested
[Johannessen et al., 1987], the formation process and heat
loss contribution of these eddies are largely unknown.
[3] The upper slope branch of the WSC can be described
as a topographically guided barotropic jet flowing along con-
tours of planetary potential vorticity f /h (where f is plane-
tary vorticity and h is water depth) and is referred to here as
the barotropic WSC branch. On the basis of repeated con-
ductivity‐temperature‐depth (CTD) sections across the shelf
edge front, Saloranta and Svendsen [2001] found that there
is no subsurface density front associated with the Arctic
temperature‐salinity front on the West Spitsbergen shelf and
concluded that barotropic rather than baroclinic instability
was responsible for cross‐frontal exchange between the WSC
and the shelf waters. However, in a recent study, Tverberg
and Nst [2009] report observations of variable horizontal
density gradients on the continental shelf. Using a numerical
model, they demonstrate that the observed density differ-
ences are likely to give rise to frontal instabilities. Earlier
studies comment on the distinct low‐frequency variability
displayed by the WSC. Hanzlick [1983] detected signals of
periodicity 4–6 days in the power spectrum of the across‐
shelf current component and attributed them to baroclinic
instability processes. On longer time scales, Morison [1991]
observed a peak at a 19 day period in spectra of bottom
pressure. Cottier et al. [2005] argued that pockets of AW
within Kongsfjorden in northwestern Svalbard were rem-
nants of water that had entered the shelf because of shear
instability in the WSC. Nilsen et al. [2006] found that topo-
graphical waves enhanced by the diurnal tides could add
significantly to the heat loss of the WSC, on the same order
of magnitude as the winter values of Saloranta and Haugan
Figure 1. The geographical positions of the current meter moorings are shown in the map. Bathymetry
is based on the International Bathymetric Chart of the Arctic Ocean [Jakobsson et al., 2008]. The WSC
circulation system is sketched with arrows (on the basis of work by Gascard et al. [1995] andWalczowski
and Piechura [2007]). Actual bathymetry (gray) along the mooring section and idealized shelf profile,
h(x), are shown. Moorings and current meter positions are marked with vertical lines and solid triangles,
respectively. The mean northward current at 250 m depth is plotted at each mooring. A skew Gaussian
current profile fitted to the mean current data is also shown.
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[2004]. Nilsen et al. [2006] investigated the influence of
neutrally stable vorticity waves, while the present study is
focused on unstable modes caused by barotropic instability.
[4] In this paper, current meter data from a mooring array
across the eastern Fram Strait are analyzed with the aid of a
linear perturbation method for determining eigenmodes of
shelf slope currents. In section 2, the data set and the back-
ground theory of the linear stability analysis are outlined.
Results from applying the linear stability model to the WSC
are presented in section 3. An identification of several epi-
sodes that match the unstable eigenmodes predicted by the
perturbation model was made with wavelet, coherence, and
complex demodulation analyses and is also described in
section 3. The characteristics of the unstable modes are uti-
lized in section 4 for a more detailed examination of their
existence and discussion of their implications for the heat
loss and water mass exchange across the oceanic Arctic
front on the shelf. In section 5, the main conclusions of the
paper are outlined.
2. Data and Methods
2.1. Current Meter Data
[5] The analysis is based on data from an array of current
meter moorings across the eastern Fram Strait [Schauer et al.,
2004], where the focus is on the three easternmost moor-
ings (F1, F2, and F3) covering the upper West Spitsbergen
Slope (WSS) region shallower than 1000 m depth. The posi-
tions of the moorings can be seen in Figure 1. The mooring
section has been maintained by the Alfred Wegener Institute
since 1997 as part of the European Union projects Variability
of Exchanges in the Northern Seas (VEINS) (1997–2000),
Arctic‐Subarctic Ocean Flux Array for European Climate:
North (ASOF‐N) (2002–2005), and Developing Arctic Mod-
eling and Observing Capabilities for Long‐term Environ-
mental Studies (EU‐DAMOCLES) (from 2006). Within the
International Polar Year project Integrated Arctic Ocean
Observing System (iAOOS) Norway, an additional moor-
ing (F0) was installed in September 2007. This mooring,
deployed 4 km east of F1, extends the mooring array onto
the West Spitsbergen shelf. The present study concentrates
on the 2007–2008 deployment year because of the enhanced
mooring coverage provided by F0. In Table 1, a summary of
the moorings is given. Descriptions of moorings F1–F3
can be found in work by Fahrbach et al. [2003] and Schauer
et al. [2004, 2008]. Table 2 lists the details of mooring F0.
Only data from the instruments at the 100 and 200–250 m
levels (the common instrument depths of the four moorings)
were used in the analysis of unstable modes.
[6] In Figures 2a–2d, progressive vector diagrams of the
measured current at the 200–250 m level of F0–F3 are
plotted. This is the approximate depth of the warm core of
AW in the barotropic WSC branch. The current displays a
relatively steady north–northwest flow, generally aligned
with the isobaths. The strongest current is measured at F1,
where the current speed exceeds 0.5 m s−1 on several occa-
sions throughout the winter months. The asymmetric ten-
dency of the mean current profile is evident, with the current
being stronger on the offshore side (F2) of F1 than on the
onshore side (F0). Note that the measurement record at
F0 is well over 2 months longer than at F1–F3 and that
F0 is only 4 km east of F1, whereas F2 is 7 km west of F1.
The flow at the deeper moorings F2 and F3 displays more
directional variability than the flow at F0 and F1, which is
close to rectilinear. For all moorings, the fastest flow is
observed during January. In January, the flow is also rela-
tively broad, implying a substantial transport. All moorings
seem to undergo a seasonal cycle with fast flow during
winter and more moderate current speeds during summer
and fall. This cycle is most pronounced at F0. F3 has very
low current speed in December, February, and April com-
pared with the other locations. The temperature undergoes
a seasonal cycle, with a maximum appearing in November
and December at all moorings. The maximum temperature
is observed at F2. For the first part of the measurement
record, the temperature is quite similar at all moorings, but
in January, the temperature at F0 and F1 starts to cool more
rapidly than the temperature at F2 and F3. For the rest of
the spring and early summer, the temperature stays 1.0°C–
1.5°C colder at F0 and F1 than at the moorings farther off-
Table 1. Overview of Moorings F0–F3 Over the Upper West Spitsbergen Slopea
Mooring
F0 F1 F2 F3
Latitude (dd.mmm) 78.833 78.834 78.835 78.834
Longitude (dd.mmm) 8.864 8.674 8.329 8.001
Model position (km) 164 160 153 146
Water depth (m) 224 229 779 1010
Deployment date 11 Sep 2007 12 Sep 2007 28 Sep 2007 28 Sep 2007
Retrieval date 11 Sep 2008 5 Jul 2008 5 Jul 2008 5 Jul 2008
aOverview includes position, depth, and deployment and retrieval data. The corresponding grid positions used in the
linear stability model are also given.







Sea‐Bird MicroCAT SBE 37 89 900 T, S, p
Aanderaa RCM 9 117 3600 u, v, T, S, p
Sea‐Bird MicroCAT SBE 37 150 900 T, S, p
Aanderaa RCM 9 205 3600 u, v, T, S, p
Nortek Continental ADCP 216 3600 u, v, T, p
aParameters: u, eastward velocity; v, northward velocity; T, temperature;
S, salinity; p, pressure. The ADCP readings were influenced by acoustic
leakage along the mooring line, rendering the u and v profiles unusable.
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shore. The minimum temperature is observed in late April and
early May.
2.2. Linear Stability Analysis
[7] The mean potential vorticity (PV) q of a steady, along‐
shelf current v = v (x) on an f plane is given by





Here f0 is the constant Coriolis parameter. The coordinate
system is oriented with the x axis pointing east toward the
shore and the y axis pointing north along the shelf. If
unstable waves exist, q has at least one local extremum
within the domain [Mysak, 1980].
[8] A numerical linear stability analysis of barotropic
flows was applied in order to evaluate whether favorable
conditions for unstable shelf modes exist in the WSS area. A
short outline of the method is given here (for more details
see Gjevik [2002]). Comparisons have previously been made
between the linear perturbation model and numerical ocean
models [Thiem et al., 2006; Davies et al., 2003], showing good
agreement. The same model was also applied by Nilsen et al.
[2006] in the study of stable modes in the West Spitsbergen
Current.
[9] We assume small perturbations to a steady, geo-
strophically balanced along‐shelf current jet v (x):
u ¼ u 0;
v ¼ vþ v 0;
 ¼  þ  0;
ð2Þ
where u′ is the perturbation in the across‐shelf direction
(pointing east toward the shore), v′ is the perturbation in the
along‐shelf direction (pointing north along isobaths), and
h ′ is the perturbation of the sea surface displacement. Here
 represents the sea surface displacement of the geostrophi-
cally balanced background field. We then insert equation (2)
into the linearized shallow‐water equations, restricting our-
selves to search for normal modes of the form
u 0 ¼ û yð Þ cos kx !tð Þ;
v 0 ¼ v̂ yð Þ sin kx !tð Þ;
 0 ¼ ̂ yð Þ cos kx !tð Þ:
ð3Þ
Here k is real wave number, t is time, w = wr + iwi is
complex angular frequency, and the complex phase speed
c = cr + ici = !k . This results in a set of equations, which,
together with the boundary conditions and discretization of
the background current and shelf profiles, can be expressed
as a matrix eigenvalue problem for w. For complex w, the
solution is unstable with growth rate (e‐folding time) g = 1/wi
and wave period P = 2p/wr. In the case of instability, the
amplitude of unstable perturbations will grow by a factor of
exp(wit). For the unstable modes, û, v̂, and ̂ become com-
plex functions.
[10] The modeled WSS topography is uniform in the along‐
shelf direction, and the undisturbed water depth, h(x), is
represented by a smooth double tanh function in the across‐
shelf direction (resolving the two‐step nature of the slope;
see Figure 1):
h xð Þ ¼ a1f1 g1 tanh  x x1ð Þ=s1½ g
þ a2f1 g2 tanh  x x2ð Þ=s2½ g
 a2 1 g2ð Þ; ð4Þ
where a1 = 621 m, g1 = 0.7069, x1 = 117 km, s1 = 7 km, a2 =
2350 m, g2 = 0.3191, x2 = 155 km, and s2 = 14 km. This is
the same bathymetric function as was used by Nilsen et al.
[2006]. The maximum upper bottom slope is ∼6 × 10−2
and somewhat steeper than the maximum deep bottom slope
(∼5 × 10−2). The more gently sloping segment between the
two slopes is ∼1 × 10−2.
Figure 2. Progressive vector diagrams for the current at the 200–250 m level at (a) F3, (b) F2, (c) F1,
and (d) F0. The associated temperature record is plotted in color.
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[11] Analyses of the current meter data suggest that the cur-
rent is asymmetrical, with a sharper current shear on the shore
side than on the ocean side (Figure 1). Transects across the
West Spitsbergen Current taken with ship‐mounted acoustic
Doppler current profilers (ADCPs) [Walczowski et al., 2005]
also support this idea. An asymmetric (but still differentiable)
idealized current profile, v(x), is therefore proposed. This cur-
rent profile is constructed by multiplying a Gaussian profile
with a sigmoid curve, yielding a skew Gaussian profile given
by
v xð Þ ¼
vmax exp  2 xLBð ÞB
h i2 
1þ exp xLBB=rB=s
h i : ð5Þ
Figure 3. Wavelet power spectra of (a) u at F0, (b) u at F1, (c) v at F0, (d) v at F1, (e) T at F0, and (f) T at
F1 from the current meters at the 200–250 m level throughout the deployment period in 2007–2008. The
power is normalized by the variance 1/s2. The periods of M2 (12.42 h) and K1 (23.93 h) are indicated by
dashed lines. Regions with power above the 95% confidence level are enclosed by black contours.
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Here vmax is the maximum current speed, LB is the posi-
tion of the maximum of the Gaussian basis function, B is the
half width of the Gaussian, and LB − B/r is the position
where the sigmoid part is exactly 0.5. Furthermore, r and s
are parameters controlling the steepness and width scale of
the sigmoid curve. These parameters were manually tuned to
the values r = 2 and s = 10 by comparison with the mean
observed current (Figure 1) at the 200–250 m level of F0–F3.
The skew Gaussian profile deviates from the observed pro-
file at moorings F4–F7 (also shown in Figure 1). However,
these current meters are assumed to be situated inside the off-
shore, deeper‐slope branch of the WSC, which is supported
by low correlation with the upper slope moorings. The half
width on the shelf side of the current profile will naturally be
narrower than the half width on the offshore side (B). For
later reference, the half width on the shelf side, b, is defined
as the distance from the current maximum to the point on the
shelf side where the current amplitude is reduced to half of
the maximum value.
[12] The relative amplitude of the perturbation current
versus the background current is not determined through the
eigenvalue calculation. In order to make both the perturba-
tion and background currents discernable in a vector plot of
the modal structure, a scaling is introduced. The scaling is
according to
u ¼ u 0
v ¼ v þ v 0;
where
 ¼  vmax
v̂max
: ð6Þ
Here a is a scaling factor and v̂max is the maximum of the
normalized along‐shelf current v̂ obtained through the eigen-
value analysis. In the present study, a value of a = 0.4 was
found to adequately scale the perturbation and background
current fields for plotting purposes.
[13] The width of the calculation domain is Lx = 300 km.
The lateral boundary conditions at x = 0 and x = Lx were zero
normal velocity, i.e., u′ = 0. A grid size of Dx = 1 km proved
to be sufficient for numerical convergence, provided that the
current profile has a smooth derivative. Calculations were
made for wavelengths in the range 10–100 km, with inter-
vals of 1 km.
[14] It is impossible to determine the complex phase speed
c = cr + ici of the unstable modes of an arbitrary current
profile analytically. Still, it is feasible to obtain theoretical
bounds on cr and ci. Howard [1961] derived a semicircle the-
orem, giving bounds on phase speed, cr, and growth rate, ci,
of unstable waves on a barotropic shear flow on an f plane
in a flat‐bottomed channel. The semicircle is given by
cr  vminð Þ2 þ c2i  vmax  vminð Þ2; ð7Þ
where vmax and vmin are the maximum and minimum flow
speeds within the domain. This was later extended by Collings
and Grimshaw [1980] and Hall [1980] to account for topog-
raphy. Other versions, which include the beta effect and strat-
ification, have also been developed [e.g., see Pedlosky, 1987,
chapter 7.5]. The results for barotropic shelf waves are sum-
marized by Collings and Grimshaw [1984].
3. Results
3.1. Wavelet and Variance Analysis
[15] In an attempt to capture the nonstationary and transient
nature of the unstable wave modes, wavelet analysis [Torrence
and Compo, 1998] was applied to the data set. Wavelets have
previously been used in the analysis of vortex‐like instabilities
in current meter data [Lilly et al., 2003; Davies et al., 2008].
Described as a plane wave, the Morlet wavelet, focused in time
by Gaussian damping, was chosen as the mother function.
Figures 3a–3f show wavelet power spectra of the across‐
shelf (easterly) current, along‐shelf (northerly) current, and
temperature at the 200–250 m level of F0 and F1. The diurnal
tide is most energetic in the across‐shelf current component
(Figures 3a and 3b), whereas the semidiurnal tide dominates
in the along‐shelf current component (Figures 3c and 3d).
Both tidal components show up with significant wavelet
power throughout the year. Energy around the diurnal period
is enhanced during winter. Single episodes with significant
power for low‐frequency oscillations (with longer period than
K1) are observed at both moorings, almost exclusively during
winter and spring. These episodes appear simultaneously at
the two moorings, indicating that they reflect oscillations
with a spatial extent that accommodates both moorings. For
the temperature (Figures 3e and 3f), episodes at significant
wavelet power only occur during winter and spring, possibly
because the temperature gradients are stronger then, leaving a
signal that is easier to detect.
[16] In Table 3, the variance of the band‐pass‐filtered
signals of u and v have been compared to the total variance
at moorings F0–F3 for the 200–250 m level. The total
variance is 2–3 times larger in v than in u for all moorings
and is increasing in the downslope direction. The variance at
the two shallowest moorings (F0 and F1) is dominated by
diurnal oscillations in the across‐shelf velocity component,
whereas the deeper moorings are more influenced by long‐
Table 3. Variance of Different Period Bands for Along‐Shelf and Across‐Shelf Velocity at the 200–250 m Level at Moorings F0–F3
Across‐Shelf Velocity, u Along‐Shelf Velocity, v
F0 F1 F2 F3 F0 F1 F2 F3
Total variance (cm2 s−2) 42 40 64 135 94 130 278 215
Variance as percentage of total variance (%)
Long‐periodic mesoscale, 120 h to 14 days 8 6 19 27 16 17 26 16
Short‐periodic mesoscale, 64–120 h 6 5 19 22 8 8 7 9
Superdiurnal, 32–64 h 12 11 18 13 6 6 4 5
Diurnal, 20–32 h 23 28 10 5 4 5 3 3
Inertial/semidiurnal, 11–14 h 6 12 3 1 8 8 3 3
Short periodic, <11 h 7 9 4 2 3 3 1 1
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periodic oscillations. In the along‐shelf velocity component,
the semidiurnal tide accounts for more variance than the
diurnal, at the shallow moorings, but long‐periodic oscilla-
tions (120 h to 14 days) are most important. This tendency is
even clearer for the deep moorings, where long‐periodic
oscillations also dominate in the across‐shelf direction. The
fact that the diurnal tide is clearly dominating in the across‐
shelf component for upslope moorings in the Fram Strait has
previously been established from analysis of current mea-
surements by Kasajima and Svendsen [2002]. Increased vari-
ance in the across‐shelf component could be an indication of
shelf waves generated by the diurnal tide.
3.2. Results From the Linear Stability Analysis
[17] The northward current component from the 250 m
level at F0–F3 was smoothed with a 14 day running mean
and was subsampled to daily values. This slowly varying
smoothed time series was assumed to be a fair representa-
tion of the background current profile. For each time step, a
skew jet profile (5) was numerically fitted to the data. The
currents farther in on the shelf (x = 200 km) and far offshore
(x = 50 km) were set to zero. The values of the parameters
vmax, LB, and B were found by minimizing the least squares
difference between the fitted profile and the smoothed data
series. Figure 4a shows the time evolution of the fitted
background current profile, v(x). The mean position of the
maximum current is ∼157 km, or halfway between F1 and
F2, whereas the mean offshore half width is B = 15 km,
corresponding to a shelf‐side half width of b = 7 km. Epi-
sodes of high current speeds occur throughout the year but
are mostly concentrated between early January and mid‐
April. The accompanying time series of residual difference
between the fitted profile and the smoothed data from
moorings F0–F3 is also shown (Figure 4b). The maximum
mismatch between observed (smoothed) and modeled cur-
rents occurred at the end of the time series, when the mod-
eled current at F2 and F1 differed by 0.05–0.06 m s−1 from
the observed current. The mean relative residual between the
observed and modeled currents was ∼5%. The temperature
at the 200–250 m level of moorings F0–F4 is plotted in
Figure 4c and shows that the position of the hot core of the
WSC varies between F2 and F3. By the end of March, the
temperature at both F0 and F1 had cooled below 3°C, which
is the commonly used lower temperature limit defining Atlantic
water in the Nordic seas. Figure 4d shows potential vorticity,
q(x), calculated from equation (1). Episodes of strong maxima
or minima in modeled potential vorticity are related to high
horizontal shear, caused by a growing maximum in the mod-
eled current speed and/or a narrowing of the half width.
[18] The linear stability analysis was then carried out on
the fitted current profile (Figure 4a) for each time step,
arriving at a time series of stable and unstable modes. The
most unstable conditions occurred on 17 February 2008.
Maximum speed, vmax, offshore half width, B, and position
Figure 4. Hovmöller diagrams of (a) fitted skew jet profile, v (cm s−1), (b) residual difference (cm s−1)
between the fitted profile and the observed smoothed (14 day running mean) profile at F0–F3,
(c) observed temperature (14 day running mean) at the 200–250 m level at F0–F4, and (d) potential vor-
ticity (m−1 s−1) calculated from the fitted current profile.
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Figure 5. (a) Dispersion diagram from linear stability analysis of the fitted profile that results in the
highest growth rate. The periods of both stable (black asterisks) and unstable (black diamonds) modes
are shown. The associated growth rate of unstable modes is shown with solid red circles. The first and
second shelf modes (with no background current) are also shown. The period and growth rate of the fast-
est growing unstable mode are indicated with arrows. (b) Modal structure of the unstable wave mode with
the highest growth rate. The background and perturbation flow fields (scaled as in equation (5)) are shown
with black vector arrows. The perturbation sea surface displacement is plotted in red and blue.
TEIGEN ET AL.: BAROTROPIC INSTABILITY IN THE WSC C07016C07016
8 of 18
 
of the fitted skew jet, LB, were then 0.23 m s
−1, 9 km, and
160 km, respectively. In Figure 5a, the detailed dispersion
relation from the linear stability analysis of these conditions
is presented. A multitude of discrete bands of both stable
and unstable modes can be seen. For long wavelengths, the
two lowest stable modes approach the first and second shelf
modes (i.e., the two lowest modes in the absence of a mean
current). The unstable modes appear as a single band of
higher modes between 14 and 52 km wavelength, with a
single peak in growth rate (the red curve). The peak in
growth rate is g = 0.77 per day. The corresponding wave-
length was quite short, ∼20 km. The associated wave period
is ∼40 h. In Figure 5b, the modal structure associated with
the most unstable mode is shown. The center of the vor-
ticity wave is located at the shelf break, a few kilometers
east of F0. This proved to be the typical position of the most
unstable mode for all the modeled events.
[19] The detailed time series of the fitted current jet para-
meters (maximum current amplitude, localization, and off-
shore and shelf‐side half widths) are plotted in Figures 6a
and 6b. Assuming that the unstable mode with the highest
growth rate most likely will dominate and hence show up
in the observations, the time evolutions in wavelength, wave
period, and growth rate of the gravest mode for the entire
measurement record are displayed in Figures 6c–6e. The
scale‐averaged wavelet spectrum [Torrence and Compo,
1998] of u and v was calculated for a ±10% band around the
wave period of the gravest mode for moorings F0 and F1.
The resulting power is compared with the 95% confidence
level corresponding to a red noise background process.
Figure 6f indicates the time intervals when the oscillation
period of the gravest unstable mode steps out with signifi-
cant power in the scale‐averaged wavelet spectra of u and
v at F0 and F1. Unstable conditions prevail 40% of the
time. The mean wavelength of the most unstable mode was
26 km, the mean period was 52 h, and the mean growth rate
was 0.36 d−1.
3.3. Sensitivity Analysis of Jet Stability
[20] The crucial parameters of the skew Gaussian jet (i.e.,
position, LB, half widths, B and b, and magnitude, vmax)
were systematically varied in order to investigate their
influence on the stability of the current profile. In Figure 7a,
the results for positions 145–165 km and maximum current
speeds between 0.0 and 0.3 m s−1 are shown. The Gaussian
half width of the current is kept constant at B = 10 km
(this corresponds to a half width of b = 4.5 km on the shelf
side). High current speeds are associated with increasing
wavelength and more rapid oscillations (decreasing period)
of the fastest growing unstable wave. On the other hand, if
a given current maximum is shifted to the steeper part of
the slope, both the period and the wavelength will decrease.
There is a local maximum in growth rate of the gravest
unstable mode when the current maximum is situated close
to the shelf break, whereas over the steeper part of the slope
(around the position of F2) the current is unstable only at
high current speeds (vmax > 0.17 m s
−1). This is in accor-
dance with the numerical study carried out by Poulin and
Figure 6. Time series of unstable events. (a) The maximum speed of the fitted current profile. (b) The
position and half widths of the fitted profile. (c–e) The wavelength, growth rate, and period of the gravest
unstable mode, respectively. (f) Intervals where the period of the unstable mode matches a period with
significant wavelet power in u or v at either F0 or F1, indicated with red or blue, respectively.
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Figure 7. Sensitivity study with variable magnitude and position of the current maximum. The half
width B is kept constant at (a) 10 and (b) 18 km. The growth rate of the gravest unstable mode is plotted
with colored, solid contours. The corresponding period and wavelength of the gravest unstable mode are
displayed with solid white and dashed black contour lines, respectively.
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Flierl [2005], who showed with a similar linear model that
for low Rossby numbers and steep prograde (with the shallow
water to the right) topography, the slope acts to stabilize
the flow. In Figure 7b, the offshore half width of the current
is kept constant at B = 18 km (this corresponds to a half
width of b = 8 km on the shelf side). The broadening of the
flow has dramatic consequences for the stability of the
current, which grows unstable only at high current speeds
and a maximum current shoreward of F1.
3.4. Spatial Coherence and Complex Demodulation
[21] Inner and outer rotary spectra [Livingstone and Royer,
1980] for the current time series are calculated in order to
study rotating current vectors. The inner spectral functions
describe corotating components, and the outer functions
describe counterrotating components. The same applies to
the rotating phase spectra. Figure 8 shows the inner and
outer coherence spectra between current meters at F0 and F1
at 205 and 233 m depth (Figures 8a and 8c) and the inner
and outer coherence spectra between the two current meters
at F0 at 117 and 205 m depth (Figures 8b and 8d). On the
basis of the time series of unstable events (Figure 6e), we
focus on rotational cyclonic and anticyclonic components
for periods around 52 h (the mean period of the unstable
modes from the stability analysis in section 3.2). In general,
we should expect an elliptical hodograph with variable
orientation of the major axis for these periods. An ellipse‐
shaped hodograph can be constructed from two counter-
rotating circular components with different radii and phase
differences for cyclonic and anticyclonic rotation. This is an
important aspect when interpreting coherence spectra; that
is, two rotating ellipses will show up with coherence energy
for both cyclonic and anticyclonic rotation.
[22] Results important to our study are highlighted with
black rectangles in Figure 8. The rotational energy around
48 h shows up as a robust estimate, high above the 95%
Figure 8. (a) Inner and (c) outer coherence spectra between current meters at the 205 m level at F0
and the 233 m level at F1, given as a response of F0 to F1. To examine the barotropic assumption, vertical
(b) inner and (d) outer coherences between the 117 and 205 m levels at F0 are given. Periods of particular
interest are highlighted by rectangles. See text for further details.
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confidence level. Figures 8a (bottom) to 8d (bottom) show
the phase angle differences between the rotating compo-
nents, and the P = 48 h angles marked by the rectangles
indicate a 1–2 h time delay between the rotating signals. The
main results from Figure 8 are that the horizontal coherences
in Figures 8a and 8c depict two rotating vectors within the
same vorticity field and that the vertical coherences in
Figures 8b and 8d depict a barotropic structure. The latter is
also true for F1 (not shown). The 1–2 h time delay may
reflect that the mooring section is not strictly parallel to the
across‐slope direction and that current meters will therefore
record data displaced in the along‐slope direction within the
northward propagating vorticity field.
[23] Figure 8a indicates that the current vectors at 250 m
have a tendency to corotate cyclonically at F0 and F1 for
P = 48 h, but there is also coherence energy in the anticy-
clonic component since the hodograph is an ellipse. Results
from the counterrotating analysis (Figure 8c) show a likely
anticyclonic rotation velocity vector at F0 (P = 48 h) when
there is a cyclonic rotation at F1.
[24] To determine how signal characteristics at specific
frequencies change throughout the duration of the time series,
complex demodulation [e.g., Emery and Thomson, 2001] is
used. This method determines the amplitude and phase and
thus the ellipse orientation of the cyclonic and anticyclonic
rotating components of the velocity time series. The com-
plex demodulation uses least squares function fitting, which
seeks to determine an optimal function as a linear combi-
nation of any specified basis functions for each measuring
point such that the quadratic difference between the esti-
mated value and the observed value is minimized [e.g., Press
et al., 1992]. Here the least squares function fitting was
solved by use of singular value decomposition (SVD) [e.g.,
Press et al., 1992]. The demodulated signal was found and
tested for sequential segments of different lengths. In order
to produce a time series that resolves the P = 48 h component
for further analysis, a 480 h window function was run over
the current data with 10 h separation (or 470 h overlap).
[25] Figures 9a and 9b show that the anticyclonic ampli-
tude is dominating (Figure 9a, top) for the P = 48 h period.
A measure of the reliability of this signal tracing method is
given by a high amplitude in Figure 9a together with a flat
phase curve in Figure 9b over two to three cycles of the
period given. Hence, Figure 9 indicates that the strongest,
least noisy signal is found between January and May for
the anticyclonic component with relatively high amplitude
and a flat phase curve at P = 48 h. The effect of these hori-
zontal oscillations on the heat flux (Figure 9c) will be dis-
cussed in section 4.2.
4. Discussion
[26] The barotropic WSC branch leaning against the shelf
break is captured by four moorings across the slope (F0–F3
in Figure 1). The current meter data at 200–250 m depth
have been used to construct a continuous skewed Gaussian
profile (Figure 4) in order to study the barotropic stability
(Figure 6) between the jet‐like slope‐break current and the
calm shelf area. Figure 4 shows that the skew jet reproduces
the data quite well and that the discrepancies are due to the
modeled maximum current positioning itself between cur-
rent meters. Time series of the maximum current position,
the maximum current, and the half width of the skewed
current profile are parameters inserted into the linear sta-
bility model.
[27] Results from the model are given in Figures 6c–6e,
showing that the barotropic current profile becomes unstable
and produces horizontal vorticity waves with wavelengths
between 20 and 40 km and oscillation periods between 40
and 70 h, which have an amplitude growth rate of up to
0.8 d−1. The results are within the constraints of Howard’s
[1961] semicircle theorem (equation (7)). This is demon-
strated in Figure 10, where the time series of real and
complex phase speeds are plotted, along with the bounds
from the semicircle theorem. The real phase speed comes
quite close to its theoretical limit, whereas the complex
phase speed (which is directly proportional to growth rate)
is less than 10% of its maximum allowable value. The
unstable events are controlled by a high Rossby number,
although the position of the current jet is also influencing the
onset of unstable situations. The Rossby number, Ro, is
given by
Ro ¼ vmax
f0 Bþ bð Þ : ð8Þ
In Figure 11, the time series of Ro is shown. All of the
unstable events are associated with peaks in Rossby num-
ber (usually Ro > 0.06). Situations where a relatively high
Rossby number does not lead to unstable conditions occur
when the current jet is positioned too far offshore, where the
current is under the influence of the stabilizing slope.
[28] Figure 6 indicates that the wavelength and period
of the gravest unstable wave mode are determined by the
position of the maximum current. Figure 7a gives the result
of a sensitivity study with variable magnitude and position
of the current maximum with a 10 km half‐width skewed
Gaussian profile. The 10 km half width is quite represen-
tative of the current profiles producing unstable events in
Figure 6. As shown by Figures 1 and 4a, the maximum cur-
rent is often found between F2 and F1 and closest to F1
when the half width approaches 10 km. The sensitivity study
(Figure 7a) tells us that the wave period should lie between
40 and 50 h and the wavelength should lie between 20 and
30 km at this location. A relatively high growth rate is seen
for current maxima above 0.2 m s−1, and the growth rate
increases if the current maximum is shifted eastward. This is
explained by a less stabilizing topography when the profile
is approaching the flat shelf areas. On the basis of the 2007–
2008 data, the current maximum seems to be topographi-
cally trapped between F2 and F1 and never east of F1.
[29] A necessary (but not sufficient) criterion for insta-
bility is that the mean potential vorticity has a local extremal
value (equation (1)). This criterion agrees with the time series
of PV (Figure 4d), which shows a strong local minimum
around F0 when the model indicates generation of unstable
wave modes (Figure 6). The highest growth rate and thus
the most unstable situation is found in mid‐February when
the PV time series in Figure 4d has its global minimum. This
event is connected to a narrow current profile with large
negative relative vorticity over the shelf break, while the
modest northward velocity in this period lies around the
average of the time series.
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Figure 9. Complex demodulation of current meter data at F0 (250 m level) into (top) anticyclonic and
(bottom) cyclonic rotating components showing (a) amplitude and (b) phase change for the 48 h wave
period. The phase change has been converted to wave period for both anticyclonic and cyclonic compo-
nents by Pnew = 2p/(w48h − d(phase)/dt). (c) On the basis of the wave signal at P = 48 h, a time series of
the horizontal heat flux (W m−2) at F0 is produced. Events of particular interest are highlighted by gray
shaded rectangles.
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4.1. Observed Barotropic Wave Mode
[30] Energy around the 48 h period shows up as a strong
and significant signal in both the horizontal and vertical
coherence analyses (Figure 8) between F0 and F1 and in
different depths on F0. The signal is completely absent in
the coherence analysis between F1 and F2 (not shown),
which confirms that we are dealing with a shelf break con-
fined oscillating disturbance, a disturbance that lasts long
enough to become significant (above the 95% confidence
level) in a coherence spectrum. Separating out the 48 h signal
in more detail through complex demodulation (Figure 9)
shows that the time intervals of significant signal coincide
well in time with the unstable wave events determined by
the model (Figure 6). The 48 h period is still close to the
wave periods which are predicted by the linear stability anal-
ysis (mean value P = 52 h). The combination of inner and
outer coherence spectra, together with complex demodula-
tion of the current meter data at F0, establishes the fact that
Figure 11. Time series of Rossby number (equation (8)) calculated from the time series of the fitted
current profile. Unstable conditions (from the stability analysis) are marked with solid black triangles.
Figure 10. Comparison between (top) real and (bottom) complex phase speeds from the linear stability
model and bounds from Howard’s [1961] theorem (equation (7)).
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we are observing a barotropic wave mode with a period
around 48 h and with a horizontal vorticity wave center in
the vicinity of F0 (both cyclonic and anticyclonic rotation
at F0) but mostly to the west of F0 (dominantly anticyclonic
rotation at F0). Figure 8c also shows that there is anticy-
clonic rotation at F0, while the current vector at F1 rotates
cyclonically, confirmed by Figures 9a and 9b. Hence, we
expect the vorticity wave center to be positioned around F0
and possibly shifted to the west of F0 for some periods.
[31] The modeled dispersion relation and wave structure
for the barotropic vorticity wave mode with the highest
growth rate are given in Figures 5a and 5b, respectively. The
maximum current for a current profile of 9 km half width
is positioned at F1 in mid‐February, generating a strong
current shear and the time series’ minimum PV value at
F0 (Figure 4d). Complex demodulation of the 205 m current
meter data at F0 captures the event and responds with a
3 week persistent anticyclonic signal at P = 48 h (Figures 9a
and 9b). As discussed in the previous paragraph, anticyclonic
current rotation shows that the current meter is positioned east
of a horizontal vorticity wave center. This contradicts the
model result in Figure 5b, which shows the mooring to be
west of the center. We do not expect the model to replicate the
data exactly since the model is based on an idealized bottom
topography and a smoothed current profile, while the current
meter moorings are placed over a rugged real topography.
However, the timing of the barotropic unstable current events
(Figures 6 and 9) and the approximate match in oscillation
wave period are striking, and we believe that we have man-
aged to capture the dominant dynamics by the idealized linear
stability analysis. The model will, in turn, give us the
approximate wavelength and thus the dispersion relation of
the vorticity waves.
4.2. Heat Loss Estimates
[32] Following the ideas of Helland‐Hansen and Nansen
[1912] and Boyd and D’Asaro [1994] that lateral exchange
with colder surrounding waters is the primary mechanism
for cooling of the subsurface warm core of the WSC, we will
estimate the contribution to lateral heat loss [Nilsen et al.,
2006] from the gravest unstable wave mode existing along
the WSS. We base our estimates on the wave characteristic
found in Figures 9a and 9b and extract the oscillating tem-
perature signal (P = 48 h) the same way through least squares
function fitting by using SVD.
[33] To estimate the heat loss from the upper slope domain,
consider the total time derivative of the mean temperature
dT /dt and the mean heat equation when following a par-









¼ r  ; ð9Þ
where r is seawater density, c is the specific heat of sea-
water, the total derivative d/dt = ∂/∂t + v·r, and the velocity
field is defined as in (2). Here t = (tu, tv) = rcv 0T 0 is
defined as the mean eddy heat flux, where T′ is the pertur-
bation to the mean temperature T . The perturbations denoted
by primes are associated with the gravest unstable wave
mode, and v 0T 0 is the cross‐correlation function between
velocity and temperature, with time averaging over 7 days.
The averaging interval is chosen so that it captures a sig-
nificant number of oscillations and at the same time man-
ages to reproduce time variations throughout the seasons.
It is difficult to estimate the heat loss of the eddy heat flux
in the along‐slope direction since there were no upstream
or downstream moorings. Assuming that the along‐slope
term, (tv), is small compared to the across‐slope term and
assuming isopycnal diffusion by vorticity waves only, the
heat loss contribution from the across‐slope eddy heat flux
tu = rcu 0T 0 can be estimated by using the first term (∂/∂x)
on the right‐hand side of (9).
[34] A time series of the horizontal heat flux (W m−2)
at F0, based on the rotating wavefield in Figures 9a and 9b
and the demodulated temperature signal at the P = 48 h oscil-
lating period, is presented in Figure 9c. The first noticeable
deviation from zero in the heat flux time series is found in
the second half of January. However, no physical interpre-
tation could be done since the phase of the rotating com-
ponents is inconclusive during this period. The next two
large heat flux periods (period 1, mid‐February to March;
period 2, mid‐March to April) are linked to significant sig-
nals in the rotating components. On average, the northward
flowing water experiences a 1000 W m−2 heat loss toward
east at F0 within period 1. A cyclonically dominated signal
(P = 48 h) emerges at F1 over the same time interval
(not shown), significant according to the above definitions,
and the averaged westward heat flux is calculated to be
−2000 W m−2. The same situation with significant rotat-
ing components (P = 48 h) reoccurs during period 2 but
now with dominating anticyclonic rotation at F1 and a heat
flux toward east (not shown), which results in Dtu ∼
2500 W m−2 over the 4 km separation between F0 and F1.
[35] Using (9) in an Eulerian way, we will estimate the
local change in temperature over periods 1 and 2 due to
the unstable vorticity waves. The mean temperature change
upstream of the mooring position (∂T /∂y) is estimated using
Saloranta and Haugan’s [2004] winter averaged along‐
slope temperature gradient, −0.31°C per 100 km. Multiplied
by the average velocity of the WSC, 0.2 m s−1, the advection
term in (9) becomes small compared to the heat flux
divergence term. Hence, the local rate of change in tem-
perature is given by the east–west divergence in the heat
flux in (9), and the heat loss of the water masses below the
surface layer is here assumed to be governed solely by
isopycnal diffusion due to the unstable vorticity waves (P =
48 h). Using the above mentioned approximate differences
for the east–west heat flux divergence between F0 and F1
(4 km apart) and allowing the isopycnal diffusion to last
for 3 weeks during period 1 and 2 weeks during period 2, we
arrive at a temperature reduction DT ∼ −0.2°C for both time
periods. This corresponds to 50% of the measured temper-
ature reduction during period 1 and 60% during period 2
when examining the 14 day running mean in Figure 4c.
[36] In order to compare with earlier estimates, using hydro-
graphic data along the WSS [Saloranta and Haugan, 2004],
(9) will be utilized in its original Lagrangian form. We
assume the slope profile (4) to be valid along the whole
WSS, a distance of ∼400 km. By integrating (9) over the
box volume encapsulating the upper part of the barotropic
WSC branch, hugging the shelf area to the east (Ashelf =
250 m × 400 km), it is possible to calculate the AW tem-
perature loss by isopycnal diffusion due to the unstable
vorticity waves with periods around 48 h (see Figure 12 for
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an illustration of the box volume used in the heat flux cal-
culations). Using Leibniz’s integral rule, we get the fol-





determined by the heat loss Q = 1.4 TW (1 TW = 1 × 1012 W)
to the shelf and the mean volume transport dV/dt = 1.0 Sv in
the upper 250 m of the barotropic WSC branch. The
transport calculation is laterally restricted between the off-
shore and shelf‐side half widths of the jet. The product rc =
4.2 MJ (K m3)−1. Mean transport was calculated by time
integration of the fitted skewed Gaussian profile (Figure 4)
for the upper 250 m, and the corresponding mean cross‐
sectional transport area used in the volume calculations was
Aslope = 5.6 km
2. When estimating the heat loss Q in the
northward flowing Atlantic water, we assume the calculated
heat flux divergence from period 2 to be valid, which by
(10) becomes dT ∼ −0.3°C along the whole 400 km WSS.
This corresponds to a heat loss of −0.08°C per 100 km that
will be compared to earlier estimates.
4.3. Comparison With Earlier Results
[37] Hanzlick [1983] disregarded barotropic instability as
an active mechanism behind low‐frequency waves in the
WSC. He based his conclusions upon scaling arguments and
results from a basic model derived by Niiler and Mysak
[1971]. In their model, the current profile is triangular and
the topography is step‐like. Hanzlick assumed half widths
of more than 20 km, a choice that would lead to the same
conclusion with the model used in the present study (see
Figure 7b). However, the more detailed current profile
inferred from increased mooring coverage clearly shows that
the barotropic WSC branch over the upper continental slope
is narrower and asymmetrical, which results in a shear that is
sufficiently sharp to give rise to instabilities.
[38] Coherent eddies originating from the WSC are
commonly observed within the Fram Strait [Johannessen
et al., 1983]. Eddies advect sea ice into contact with the
Atlantic water masses, causing a rapid retreat of the ice
edge (Johannessen et al. [1987] reported up to 1–2 km d−1).
Several of the eddies were described as originating in the
WSC. The present study provides evidence that unstable
vorticity waves are frequently generated in the barotropic
WSC branch, constituting a potential spawning mechanism
for coherent eddies.
[39] On the basis of the fitted current profile, an estimate
of the volume transport of the barotropic slope jet can be
calculated. The total depth‐integrated mean transport for
the entire period (October 2007 to June 2008) is 3.6 Sv.
This is twice as much as the value for the Svalbard branch
reported by Schauer et al. [2004] and 20% lower than the
4.6 Sv of annual barotropic transport estimated by Hanzlick
[1983]. Schauer et al. [2004] defined the Svalbard branch
as shallower than 1000 m and did not have a current meter
east of F1, whereas the present estimate includes the tails
of the slope jet, which extend further offshore and further
onto the shelf. Hanzlick [1983] had fewer current meters and
did not distinguish between the slope branch and the off-
shore branch. Our transport estimate is proportional to the
width of the current, whereas unstable conditions are asso-
ciated with a sharp shear in the current profile. Hence, unstable
episodes usually occur when the transport is moderate.
[40] For heat loss estimates by isopycnal diffusion, only
the volume flow of the barotropic WSC branch in direct
contact with the shelf (the upper 250 m) is used (1.0 Sv).
The 1.4 TW heat loss of the northward transported AW due
to unstable vorticity waves along the WSS, through an area
of Ashelf = 100 km
2, is found to give a temperature loss of
0.08°C per 100 km. Here we assume that vorticity waves
detected in a data set from one slope section are valid for the
whole 400 km WSS in an attempt to compare with the
observationally based north–south winter temperature gra-
dient of Saloranta and Haugan [2004]. Our temperature
gradient is only 25% of their 0.31°C per 100 km gradient,
and there are obviously along‐slope variations and other
important processes not accounted for. Westward isopycnal
diffusion through vorticity waves [Nilsen et al., 2006] and
topographically steered onshore transport of AW are can-
didates that will be dealt with in subsequent papers. Fur-
thermore, our estimates are based on results from unstable
events in the barotropic WSC branch during one winter
(2008), while Saloranta and Haugan [2004] based their
along‐slope winter temperature gradient on CTD data from
several winters, with stations as far south as 74°N.
[41] Locally across the mooring section, estimated heat
loss through vortex dynamics accounted for 50%–60% of
the observed temperature drop when the unstable vorticity
Figure 12. Illustration of box volume for heat flux calcula-
tions. The modal structure depicted in Figure 5b is overlaid
on the sea surface. Here the along‐shelf dimension of the
box volume is 60 km. For the calculations an along‐shelf
dimension of 400 km was used.
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waves were present in the data set. We therefore feel con-
fident that isopycnal diffusion generated through barotropic
instability is an important process in the heat loss budget
along the WSS. Unstable vortices are detected in our moor-
ing section, and their existence is explained through our
dynamical stability analysis. In order to estimate the inter-
annual variability of the total heat loss along the WSS,
vortex generation mechanisms for the entire slope will be
studied.
5. Conclusions
[42] The barotropic WSC branch has been proven to
exhibit an asymmetric current profile, giving rise to a sharp
shear on the shelf side. The asymmetric profile has been
mathematically represented by introducing a skew Gaussian
jet profile. The skew Gaussian jet profile was fitted to the
smoothed time series of current meter measurements from
the upper slope domain and was used as input to a numerical
linear stability analysis. The analysis indicated that the
barotropic WSC branch experienced several episodes of
unstable conditions from December 2007 to May 2008. The
characteristic wavelength of the resulting unstable vorticity
waves was 20–40 km, with associated wave periods of 40–
70 h. A detailed sensitivity analysis showed that the skew
profile is most stable when the current maximum is posi-
tioned close to F2 (over the steepest part of the slope).
When the current maximum moves shoreward (toward F1),
it becomes unstable for relatively moderate current speeds.
Wavelet analysis detected significant energy at similar per-
iods and time intervals as the stability analysis indicated. In
particular, inner and outer rotary spectra of F0 and F1
showed that the 48 h wave period stands out as a robust
estimate. Through complex demodulation of the current and
temperature data the 48 h signal was studied in detail and
two episodes of intense onshore heat flux were identified.
During these episodes, the heat loss contribution through
isopycnal diffusion was significant and could explain up to
50%–60% of the total observed local heat loss.
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